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3. Mimicking Biological Carbon Isotope Signatures
in Fe-C-O-H Systems
1.

Introduction
The assumption of chemical equilibrium bounds much of our present

theoretical understanding of natural processes. One area of research where the
imposition of this assumption has particularly profound consequences, and towards
which attention is drawn here, is that of carbon isotope systematics in ancient- and
extraterrestrial- biosignature studies.
Of the stable isotope systems, fractionations of carbon are amongst the best
understood. Despite this, the ability to differentiate between carbon of non-biological
and biological origin is far from secure, as amply evidenced by ongoing controversies
such as the ambiguous biogenicity of 3.8 Ga graphite in Isua, southwest Greenland
(e.g. Mojzsis et al., 1996; Mojzsis and Harrison, 2000; Rosing, 1999; Schidlowski,
1988; Schidlowski, 1993; Schidlowski, 2001; van Zuilen et al., 2002; van Zuilen et al.,
2003), the purported Fischer-Tropsch-type synthesis of 3.5 Ga kerogen in the Pilbara,
northwest Australia (e.g. Brasier et al., 2002; Brasier et al., 2005; Schopf et al., 2002;
Schopf and Packer, 1987; Ueno et al., 2004), and the origin of carbonaceous phases in
meteorites (e.g. McKay et al., 1996; McSween, 1997; McSween and Harvey, 1998).
Progress towards resolving these important problems affects our understanding of how,
when, where and why life began.
At and above greenschist facies metamorphic conditions, carbonaceous material
becomes increasingly graphitic in nature. Kerogen, loosely defined as ‘insoluble noncrystalline organic material’, is a common constituent of low-grade sedimentary rocks
spanning the rock-record as far back as 3.5 Ga. Although disagreement exists in the
application of the term ‘graphitic kerogen’ (e.g. Marshall et al., 2007), kerogen exhibits
similar petrological behaviour (colour, reflectivity, etc.) to graphite. At temperatures
considered in this study (T > 400 °C), kerogen transforms to graphite. Kerogen is
therefore assumed to share the same isotopic and thermodynamic properties as
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graphite. To avoid confusion, the term ‘reduced carbon’ is used to denote both kerogen
and graphite.
This paper sets out to examine the limits on the derived isotopic signature of
reduced carbon that can possibly result through both closed- and open- system
equilibrium processes under geologically relevant conditions of P, T and fO2.
Calculations are performed within the thermodynamic space 1000 > P > 10000 bar,
400 < T < 1200 °C and log(fO2QFM)-6 < log(fO2) < log(fO2QFM) + 8.
Because the simple molecules H2O, O2, H2, CO, CO2 and CH4 represent the
most abundant and geochemically reactive components of geological fluids (Horita,
2001), fluid thermodynamic behaviour can appropriately be described within the C-OH system. Relevant geological processes are those that impart an isotopic fractionation
on the order of that mediated by enzymatic metabolism, here considered as ∆δ13C ≤ 15‰ (Figure 1). Processes explicitly considered are isotopic re-equilibration with
carbon in metasomatic C-O-H fluids and/or carbonate, precipitation of remobilized
carbon, devolatilization of organic matter, and de novo carbon production resulting
from decarbonation reactions of carbonates.
Under the assumption of equilibrium, the isotopic behaviour and evolution of
carbon under the sway of these processes is largely quantifiable. To this end, a
Modified Redlich-Kwong (MRK) equation of state built on recent thermodynamic
fluid species data is coupled with recent advances in our understanding of equilibrium
isotope fractionation to arrive at a versatile model for the isotopic behavior and
evolution of reduced carbon interacting with C-O-H fluids in the system Fe-C-O-H.
The component Fe is added to extend consideration to isotopic interaction with
carbonate minerals. Because the potential for isotopic fractionation is limited at the
higher decarbonation temperatures required for carbonates outside the Fe-C-O-H
system (calcite, dolomite, ankerite, magnesite, rhodochrosite, etc.), restricting
treatment to siderite alone is justified.
This approach uncovers the conditions under which geological equilibrium
processes are capable of mimicking biological δ13C fractionation. Based on these
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results, the validity of the equilibrium assumption, with particular reference to Origin
of Life studies, is discussed.
2.

Model

2.1.

The Modified Redlich-Kwong Equation of State
The modeling of fluids consisting of sub- or super- critical fluid mixtures of

multiple components requires an understanding of how their chemical potentials
respond to changes in state variables such as δP, δT and changes in composition, δxi.
Equations of state are equations that attempt to capture the relationship between these
state variables, and thereby allow for the calculation of chemical potentials. The
Redlich-Kwong equation of state (Redlich and Kwong, 1949), which incorporates
parameters relevant to molecular dynamics of C-O-H fluids of interest here, takes the
form:
P=

RT
a
− 2
V − b (V + bV )(T ) 0.5

(1)

Here, constant b accounts for repulsive forces by parameterizing molecular size and
constant a accounts for intermolecular attraction. For fluids bearing molecules
exhibiting a large dipole moment, such as H2O and CO2, a modified Redlich-Kwong
(‘MRK’) equation was proposed (de Santis et al., 1974; Flowers, 1979; Holloway,
1984). The mixing parameters and thermodynamic constants used (after a compilation
in Frost and Wood, 1995), are tabulated in Table 1 below. The MRK equation offers
excellent correlation with experimental data, except at extreme metamorphic grades (P
> 15000 bars, T > 1100 °C) not germane to the crustal environment (Belonoshko and
Saxena, 1991; Frost and Wood, 1995; Kerrick and Jacobs, 1981).
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Using this MRK equation of state, an expression for the fugacity co-efficient,

φi, can be derived (Prausnitz, 1969):
ln φi = ln(
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and b = ∑ xi bi . Values adopted are tabulated in Table 2.
i

The Reduced Carbon Saturation Surface

Phase-equilibrium experiments and other thermodynamic studies involving
graphite have proven to be difficult to interpret, and have led to somewhat conflicting
results. These problems stem largely from variability in the crystalline nature, ordering
and thermodynamic properties of graphite (Koziol, 2004). Within the C-O-H system,
the presence of reduced carbon is assumed to imply fluid saturation, with the activity of
reduced carbon fixed at unity. On this reduced carbon saturation surface, pairs of C-OH species’ fugacities can now be related to one another through P- and T- dependent
equilibrium constants, k(i,,j). In the case of reduced carbon equilibrating with the fluid
components CO and CO2, for instance:
C + 0.5 O2 = CO:

k(O2,CO) = fCO/(fO2)0.5
=

C + O2 = CO2:

γCO ⋅ pCO
γCO ⋅ xCO ⋅ P
=
0.5
(γO2 ⋅ pO2 )
(γO2 ⋅ xO2 ⋅ P) 0.5

(3a)

k(O2,CO2) = fCO2/fO2
=

γCO2 ⋅ pCO2 γCO2 ⋅ xCO2 ⋅ P
=
γO2 ⋅ pO2
γO2 ⋅ xO2 ⋅ P

(3b)

Similar expressions can be constructed for the other C-O-H species. The assumption of
fluid ideality (γi = xi), together with the condition ∑xi = 1, now allows for the capture
of xi from the roots of quadratic equations (e.g. Ohmoto and Kerrick, 1977) or
thermodynamic data tables (e.g. Chase, 1998). This approximate fluid composition is
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used to seed an iterative re-calculation of the fugacity coefficients (Eqn. 2) and
equilibria (such as Eqn. 3a,b), which converges upon the final, non-ideal fluid
composition (e.g. Hall and Bodnar, 1990). The stability field of reduced carbon,
together with the composition of the equilibrating fluid, is hereby laid bare in P – T
space by fixing any single compositional variable xj.
2.3.

Oxygen Fugacity and Reduced Carbon Stability

In addition to pressure and temperature, the geological environment often lends
further constraints on the composition of C-O-H fluids by virtue of the mineral
assemblage with which the fluid equilibrates. To this end, the oxygen fugacity, fO2,
provides a useful proxy. Oxygen fugacities in geological systems typically lie within
+6 log units and -8 log units of the FMQ buffer, which inhabits a median position
(Figure 2) amongst the commonly used buffers in fO2 – T space (Frost, 1991). The
range [log(fO2QFM) – 6] < log(fO2) < [log(fO2QFM) + 8] spans the buffering capabilities
of a broad range of geological environments, and is adopted in this study.
Fluids outside the compositional stability field of reduced carbon (Figure 2) are
prohibitively oxidizing or reducing. Here, reduced carbon is unstable with respect to
CO/CO2 or CH4, respectively. In practice, because of equilibria with H2, reduced
carbon remains stable with respect to CH4 under geologically relevant fO2 conditions.
The degree of dissociation into CO and CO2 is likewise small under a broad range of
conditions. This is because the conversion of all available reduced carbon to CO-CO2
commonly requires prohibitively high activities of O2 at sub-solidus temperatures.
From a thermodynamic perspective, the abundance of reduced carbon - in diverse rock
types – is hence unsurprising.
The graphite stability field expands with pressure. With increasing temperature,
reduced carbon-fluid equilibria are increasingly in favour of the fluid phase
(‘degassing’), causing amounts of reduced carbon to decrease and the stability field to
shrink with respect to solid-state oxygen buffers. The continued ability to provide
reduced carbon buffering capacity depends on the amount of carbon, ∑C, present in the
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system. Evidently, reduced carbon is unstable under highly oxidized conditions, such
as provided by assemblages in some haematitic (≈ ‘MH’ buffer) banded ironformations (‘BIFs’). This may account for the paucity of organic matter in these and
other oxidized sediments of controversial biogenicity.
3.

Thermodynamic Behaviour of C-O-H Fluids

An overview of the behaviour of C-O-H fluids and the stability of reduced
carbon, which are well understood (Connolly, 1995; Holloway, 1984; Huizenga, 2001),
is called for. The ternary C-O-H diagram (Figure 3) lends itself well to this purpose.
3.1.

Binary and Subcritical Behaviour

As pointed out by Holloway (1984), in the presence of reduced carbon at
pressures above P≈ 300 bars and temperatures around T≈ 400 °C, supercritical C-O-H
fluids will consist of either CH4-H2-H2O mixtures or CO2-CO-H2O mixtures.
Schematically, this situation arises when the reduced carbon saturation isotherm
intersects with the CH4-H2O or CO2-H2O binary, respectively (see T = 400 °C
isotherm, Figure 3). At these lower temperatures, fluid equilibria dictate that either
H2/CH4 or CO/CO2 ratios are exceedingly low. Any isotopes of carbon in the fluid
phase interacting with reduced carbon thus effectively become restricted to a single
species, either CH4 or CO2. Further consideration of C-O-H fluid behaviour below the
binary intersection temperature is relevant here only in so far as it affects the relative
amount of reduced carbon precipitating in the system.
Below T≈ 400 °C, CH4-H2O fluids gradually undergo unmixing into two
separate subcritical CH4-rich and H2O-rich phases (Price, 1979). Below ~275 °C, CO2H2O fluids similarly undergo unmixing, into CO2-rich- and H2O-rich- phases
(Takenouchi and Kennedy, 1964). Unmixed phases become increasingly pure with
lower temperatures. Reduced carbon precipitation will still be largely controlled
through reduced carbon-CH4-H2O-O2 or reduced carbon-CO2-H2O-O2 equilibria, or an
externally imposed oxygen buffer, as the case may be.
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Although fluid unmixing may exert some effect on the isotopic equilibrium
fractionation with reduced carbon, such considerations become secondary in light of
the increasing tendency towards isotopic disequilibrium at these lower temperatures.
3.2.

General Supercritical Behaviour

The coincidence of the C-O-H fluid composition with the reduced carbon
saturation isotherm described above is a special case. More generally, the molar
fractions of CO2, H2O, O2, CO, H2 and CH4 are variably fixed in the fluid, depending
on constraints placed on the system due to the geological environment. In the case of a
single supercritical fluid, three different scenarios can be envisaged under specified P,
T conditions: (i) a fluid whose composition falls outside the stability field of reduced
carbon, and is not externally buffered – in which case the relative proportions of
species are set by the fluid equilibria themselves; (ii) a fluid whose composition falls
outside the stability field of reduced carbon, but is externally buffered; and (iii) a
buffered fluid whose composition falls within the stability field of reduced carbon.
3.2.1. Unbuffered Supercritical Fluids

In a system consisting of a single unbuffered supercritical C-O-H fluid, only
one phase is present and the system consequently enjoys four degrees of freedom.
Hence, in addition to P and T, the molar proportions of any two of the fluid species
must be specified to fix all the others. Consequently, constraints on the isotopic
behaviour exhibited by carbon within these fluids can only be sought in their source
(e.g. ultramafic versus acidic volcanism). This scenario, though rare, may arise during
the passage of a hydrothermal fluid through ‘oxidatively-unreactive’ lithologies, such
as cherts (cryptocrystalline SiO2). In practice, the presence of small amounts of metal
oxides and/or sulfides (particularly combinations of pyrrhotite, pyrite, magnetite and
haematite) sets constraints on fO2 in all but the purest of cases.
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In accordance with the controls on reduced carbon stability described above,
reduced carbon precipitation may ensue through increased pressures, decreased
temperatures, or the external imposition of more reducing conditions.
3.2.2. Buffered Supercritical Fluids, Reduced Carbon Unstable

fO2-buffers fix fO2 at a specified P, T. The imposition of such a buffer,
expressed in terms of the fugacity of any fluid component in the C-O-H system,
restricts the system’s degrees of freedom to three. At a specified P, T and fO2 the
system can now be completely described through specification of any remaining
compositional variable, such as xH2O or xCO2.
3.2.3. Buffered Supercritical Fluids, Reduced Carbon Stable

The behaviour of supercritical fluids within the stability field of reduced carbon
naturally merits special consideration. The presence of reduced carbon in the presence
of an external buffer adds a strong constraint to the system, reducing its degrees of
freedom to two. At a specified P, T and fO2, the system is invariant, allowing exact
determination of the isotopic behaviour of reduced carbon. Figure 4 illustrates
calculated ‘carbon-saturated’ fluid behaviour as a function of temperature at P = 10000
bar.
4.

Behaviour of Carbon in Fe-C-O-H System

4.1.

Decarbonation of Carbonate

Carbonate minerals whose composition falls within the solid solution space
defined by the end-members calcite (CaCO3), dolomite (CaMg(CO3)2), and siderite
(FeCO3) have been common rock-forming minerals throughout geological time. Less
common carbonates include magnesite (MgCO3), rhodochrosite (MnCO3) and
smithsonite (ZnCO3). The thermal decomposition –or ‘decarbonation’– of carbonates
can purportedly lead to the precipitation of reduced carbon (Sharp et al., 2003; van
Zuilen et al., 2003).
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Using a continuous-flow technique within a 3 bar He pressure environment,
Sharp et al. (2003) reported the commencement of decarbonation at 720, 600 and 450
ºC for calcite, dolomite and siderite respectively. Higher pressures can be expected to
require higher decomposition temperatures, as univariant decarbonation curves have a
positive slope in P-, T- space (e.g. Kerrick, 1974). Because the potential for isotopic
fractionation is limited at the higher decarbonation temperatures required for
carbonates outside the Fe-C-O-H system, only the decarbonation of siderite need be
considered here.
The decarbonation of siderite has been studied by numerous workers (French,
1971; French and Eugster, 1965; French and Rosenberg, 1965; Frost, 1979; Goldsmith
et al., 1962; McCollom, 2003; McCollom, 2004; Mel'nik, 1982; Rosenberg, 1967;
Sharp et al., 2003; Weidner, 1968; Weidner, 1972; Yui, 1966). Within the stability
field of reduced carbon, the reaction proceeds to form iron oxide:
6 FeCO3 = 2 Fe3O4 + 2 x CO + 4 y CO2 + (6 – 2 x – 4 y) C + (5 – x – 4 y) O2

(4)

Here, the molar coefficients x and y are determined through reduced carbon-vapor
equilibration in the C-O system, C + O2 = CO2 and C + 0.5 O2 = CO.
In the system reduced carbon-C-O, all compositional fluid variables (xCO2,
xCO and xO2) are fixed at a specified P, T. We can exploit this fact to determine the
amount of reduced carbon precipitated as a function of P, T by solving for x, y in
reaction (04). Above the decarbonation temperature, ~1 mole of reduced carbon and ~5
moles of CO2 are generated for every 6 moles of siderite decarbonated (Figure 5). With
increasing temperature, the CO/CO2 ratio of the evolved fluid increases, while the
amount of reduced carbon precipitated decreases up to the limit of its stability.
The foregoing assumes that fO2 is not externally buffered above the stability of
graphite. If this were the case, the relative amounts of CO2, CO and O2 produced would
now be determined by the equilibrium CO + 0.5 O2 = CO2. The assemblage siderite –
magnetite - C-O-fluid (or, at fO2 > fO2MH, the assemblage siderite - haematite - C-Ofluid) is divariant.
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5.

Isotopic Behaviour of Carbon in Fe-C-O-H Systems

5.1.

Parameterizing the Isotopic Behavior of Individual Compounds

The β-factor, or ‘reduced isotopic partition function ratio’, is a useful parameter
when studying the effect of metamorphism or metasomatism on isotopic exchange. βfactors parameterize the isotopic behavior of individual substances, allowing for the
calculation of the overall equilibrium fractionation effect α in reactions involving
isotopic interaction between two or more substances. Explicitly, the isotope
fractionation factor αA-B between two substances A and B undergoing equilibrium
exchange is equal to the ratio of their individual β-factors βA and βB:

α A− B =

βA
βB

or

ln α A− B = ln β A − ln β B

(5)

The alpha factor α allows determination of the isotopic ratio of two species. The
isotopic ratio for a species A, RA, can also be expressed in the customary δA notation:

α A− B =

RA
RB

13
C
( 12 ) A
R A = 13 C
C
( 12 ) std
C

δ 13C A = ( R A − 1) ⋅ 1000

(6)

Here, subscript ‘std’ refers to the known isotopic ratio in a laboratory standard, such
Peedee Belemnite (‘PDB’). Equations (05) and (06) are applicable to all carbon species
in the system Fe-C-O-H under consideration. The β-factors for reduced carbon, CO2,
CO, CH4 and siderite are compared in Figure 6. The distinctly higher β-factors
exhibited by CO2 result in its isotopic enrichment relative to CH4 and CO.
The effect of pressure on isotopic fractionation is usually taken to be negligible
(Chacko et al., 2001), as studies at geologically relevant pressures have consistently
revealed negligible (<0.1‰) pressure-induced corrections (e.g. Clayton et al., 1975;
Hamann et al., 1984; Joy and Libby, 1960). In the case of graphite, however,
Kharlashina and Polyakov (1992) noted that β-values exhibit an anomalously large
pressure-dependence, on the order of 1‰ over 10 kbar. From a kinetic perspective, it is
well known that elevated pressures lead to enhanced isotopic exchange rates (Clayton

175

et al., 1975; Matsuhisa et al., 1979; Matthews et al., 1983a; Matthews et al., 1983b;
Matthews et al., 1983c).
5.2.

Isotopic Equilibration of Reduced Carbon with C-O-H fluids

In the presence of C-O-H fluids, reduced carbon isotopically interacts with
fluid-phase CO2, CO and CH4. Under the assumptions specified above, coupling of the
thermodynamic- (xCO2, xCO and xCH4) and isotopic- (βCO2, βCO, βCH4 and βredC)
behaviour allows calculation of δ13CC as a function of P, T and fO2:

αC-fluid = (βCO2/βredC)⋅xCO2 + (βCO/βredC)⋅xCO + (βCH4/βredC)⋅xCH4

(7)

RredCs = αC-fluid ⋅ Rfluid

δ13CredC = (RredC – 1)⋅1000

(8)

Here, Rfluid and RC refer to the isotopic ratios in the bulk fluid and reduced carbon,
respectively. Figure 7(a-c) shows the isotopic fractionation of reduced carbon
equilibrating with C-O-H fluids in fO2 - T space at three different pressures.
5.3.

Isotopic Equilibration in Carbonate-Reduced Carbon Systems

The carbonate-reduced carbon system has received considerable attention
because of its potential use as a geothermometer. Theoretical (Bottinga, 1969; Chacko
et al., 1991; Golyshev et al., 1981; Polyakov and Kharlashina, 1995a), empirical (Dunn
and Valley, 1992; Kitchen and Valley, 1995; Morikiyo, 1984; Valley and Oneil, 1981;
Wada and Suzuki, 1983) and laboratory (Scheele and Hoefs, 1992) methods have been
employed to study the temperature-dependence of isotope equilibrium fractionation
within the calcite-graphite system (Figure 8a, b). The temperature-dependence of the
dolomite β-factor (Golyshev et al., 1981; Wada and Suzuki, 1983) and siderite β-factor
(Carothers et al., 1988; Golyshev et al., 1981; Jimenez-Lopez and Romanek, 2004;
Zhang et al., 2001) have also been investigated. Carbonate β-factors roughly increase
with decreasing cation radius.

176

Significant divergence exists between studies focusing on lower temperatures
(270 < T < 650 °C) and those addressing higher temperatures (T > 650 °C). Theoretical
calculations are consistent with the data at high temperatures, suggesting that the
deviation of low-temperature natural sample data from theory results from incomplete
equilibration and kinetic effects at depressed temperatures.
Isotopic carbonate-reduced carbon equilibria are also important to geobiologists
studying metamorphosed rocks (Figure 9). Isotope re-equilibration between reduced
carbon and carbonate during metamorphism is commonly invoked, for example, to
explain the δ13C distribution in the 3.8 Ga Isua Supracrustal Belt and Akilia Gneiss of
southwest Greenland (Mojzsis et al., 1996; Mojzsis and Harrison, 2000; Schidlowski,
1988; Schidlowski, 2001; Schidlowski et al., 1979).
In a simple closed system, the bulk δ13C is time-invariant, and carbon isotope
systematics can easily be constrained using the mass balance equations:
δ13Cbulk = δ13CiredC XredC + δ13Cicarb Xcarb
= δ13Cbulk = δ13CfredC XredC + δ13Cfcarb Xcarb

(9)

Here, the superscripts i and f refer to the initial and final, or pre- and post- metamorphic
states respectively; the subscripts ‘bulk’, ‘C’ and ‘carb’ refer to the combined, reduced
carbon and carbonate components, respectively; X is the molar fraction of a given
component (capitalized to distinguish it from fluid compositions discussed previously)
such that XredC + Xcarb = 1. It should be noted that for realistic geological systems, the
molar fractions XredC and Xcarb are unlikely to be time-invariant due to processes such
as the interaction with graphitic fluids and CO2 degassing of carbonates. These
complications are considered in Section 5.5 below.
Equations (09) can be recast into a form incorporating ∆carb-C (T), the isotopic
fractionation factor between carbonate and organic carbon:
δ13Cbulk = δ13CfredC + ∆carb-C Rx (1 + Rx)-1

(10)

Here, the important variable Rx is the molar ratio Xcarb / XredC. The isotopic behaviour in
a system governed by equation (10) is illustrated in Figure 10.
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5.5.

Carbon Isotopic Fractionation During Decarbonation

The process of decarbonation can ostensibly produce graphite de novo at
temperatures as low as T≈ 450 ºC. Good experimental data on the isotopic fractionation
during the decarbonation of different carbonate minerals is scarce. In one study, the
measured carbon isotope fractionation between calcite or dolomite and evolved CO2
(from which the isotopic evolution of reduced carbon may be calculated) was
negligible, whereas the δ13C of evolved CO2 during laboratory decarbonation of
siderite increased as a function of reaction process from an initial + 1 ‰ to a maximum
of +5 ‰ (Sharp et al., 2003). These findings agree with calculations of carbonatereduced carbon-CO2 equilibration (Figure 11). In the absence of more or contradictory
experimental data, therefore, equilibration calculations will be used to examine the
isotopic evolution of reduced carbon in systems undergoing carbonate decarbonation.
5.5.1. Closed System Decarbonation

During complete closed system decarbonation, the isotopic evolution of
reduced carbon will equilibrate with evolved CO2 and CO:

δ 13C FeCO = δ 13CCO ⋅ xCO2 + δ 13CCO ⋅ xCO + δ 13C redC ⋅ xredC
3

2

(11)

αC-fluid = (βCO2/βredC)⋅xCO2 + (βCO/βredC)⋅xCO
δ C fluid =
13

δ 13 C CO ⋅ xCO2 + δ 13 C CO ⋅ xCO

RCO2 = RredC
RredC =

(12)

2

xCO2 + xCO

β CO

2

β redC

RCO = RredC

and

β CO
β redC

R FeCO3 ⋅ β redC ⋅ x redC

β redC ⋅ x redC + β CO ⋅ xCO + β CO ⋅ xCO
2

(13)

(14)

2

Reduced carbon produced through this mechanism will be isotopically depleted
relative to precursor carbonate by between 2 and ~8 ‰, depending mostly on the

178

temperature of peak metamorphism (Figure 12). Severely depleted (< -15 ‰ relative to
precursor carbonate) reduced carbon cannot be produced through this mechanism.
5.5.2. Open System Decarbonation

Both organic matter and carbonate may undergo open-system devolatilization.
Unlike closed-system isotopic equilibration, the isotopic signature of the remnant
carbon reservoir will evolve over time. Open-system devolatilization reactions follow a
Rayleigh distillation curve:

δ13Cfinal = (δ13Cinitial + 1000) · f (α – 1) – 1000

(15)

Here, f refers to the fraction of carbon remaining following devolatilization, 0 ≤ f ≤ 1;
and α refers to the fractionation factor between the released volatiles and the
devolatilizing carbon pool.
For the open-system devolatilization of carbonate, the isotopic signature of
carbonate itself evolves with time:

δ13Ccarb = (δ13Cicarb + 1000) · f (α – 1) – 1000

(16)

It is assumed that the precipitated reduced carbon equilibrates isotopically with
remnant carbonate, such that RredC = Rcarb

β redC
. This seems a reasonable assumption,
β carb

given that thermodynamics constrain decarbonation temperatures above ~450 °C where
solid-solid isotope exchange is unlikely to suffer from severe disequilibrium effects.
The real difficulty, rather, lies in determining the fractionation factor α that governs the
isotopic composition of the released volatiles.
In the laboratory, graphite is produced even if a constant He atmosphere is
maintained. The devolved fluid is oversaturated in CO with respect to CO2 and reduced
carbon, causing precipitation of the latter. This suggests that, even under these
extremely dynamic artificial open-system conditions, thermodynamic equilibration is
partly occurring. Figure 13(a-c) shows the results of calculations on the final isotopic
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signature of de novo graphite assuming perfect isotopic and thermodynamic
equilibrium with devolved CO-CO2 fluid.
As under closed-system conditions, the production of non-biological reduced
carbon with a severely depleted isotopic signature is predicted to occur only at low
pressures (P < 1000 bar).
In the case of the devolatilization of abiotic hydrocarbon, CnHmOl, both the
geological environment and the hydrocarbon composition affect the relative amounts of
CO2, CO and CH4 in the evolved gas. Unfortunately, little is known about the
individual isotopic behaviour of more complex hydrocarbons (e.g. Chung et al., 1988).
In consequence, we assume that the isotopic properties of graphite hold for kerogen.
The isotopic evolution of a devolatilizing organic carbon reservoir governed by the
form of equation (18) is illustrated in Figure 14.
At high CO2/CH4 ratios, and in the absence of carbonate, this mechanism can
theoretically lead to reduced carbon as fractionated as ∆δ13CredC = -40 ‰ relative to its
pre-devolatilization signature.
6.

Discussion

6.1.

Summary

Under the explicit assumption of complete isotopic equilibrium and C-O-H
fluid behaviour dictated by Modified-Redlich-Kwong (MRK) equation of state, a
detailed investigation of the non-biological production of isotopically depleted reduced
carbon from an isotopically heavy precursor reservoir of magmatic carbon and/or
carbonate carbon in the system Fe-C-O-H was conducted. Starting with a C-O-H fluid
reservoir isotopically representative of a magmatic origin (δ13Cfluid ≈ -5 ‰), the
production of reduced carbon bearing a signature within the range of biological
processes (δ13Cfinal < -15 ‰) is restricted to very reducing conditions: over 8 log units
below fO2QFM at geologically relevant pressures. With increasing temperature, the
amount of carbon precipitated decreases but endures little isotopic shift.
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The production of reduced carbon that accompanies the decarbonation of
common rock-forming carbonates (dolomite, calcite and siderite) is frequently put
forward as a source for isotopically reduced carbon. The nature of the carbonate cation
has a significant effect on its isotopic behaviour, particularly at low temperatures.
However, with the exception of siderite, decarbonation occurs at temperatures
prohibitively high for significant isotopic fractionation. The decarbonation of an
isotopically heavy carbon reservoir representative of marine siderite (δ13Ccarb ≈ 0 ‰)
within a closed equilibrating system is not conducive to the production of isotopically
light reduced carbon (δ13Cfinal < -15 ‰). It is worth noting that the geological literature
is suspiciously barren of petrological evidence for this mechanism happening outside
the laboratory. This author has never encountered evidence for carbonate-derived
graphite in metacarbonates.
Replacing the constraint of closed-system equilibrium for one of open-system
Rayleigh-style degassing, but conserving the assumption of equilibrium isotopic
exchange between carbonate and reduced carbon, does little to improve the potential
for isotopically light reduced carbon production under geologically relevant conditions
of P, T and fO2. In fact, equilibrium considerations require that the continued
decarbonation of carbonate isotopically enriches, rather than depletes, the reduced
carbon produced.
In the absence of carbonate, and at temperatures below 500 °C, open-system
Rayleigh-style degassing of graphite-like hydrocarbon material can theoretically give
rise to carbon with ‘life-like’ isotope signatures if high CO2/CH4 ratios (R > 1)
predominate in the devolved gas. However, large fractions (f > 0.5 at T= 300 °C and f >
0.9 at T= 500 °C) of precursor hydrocarbon material must be devolatilized for this to
occur. Thus, large quantities of pre-existing concentrated non-biological hydrocarbon
would be required.
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6.2.

Conclusion

The production of severely isotopically depleted (∆δ13C ≤ -15‰) reduced
carbon from an unfractionated carbon pool at isotopic and thermodynamic equilibrium
is challenging under conditions relevant to geological systems. Only under exceptional
circumstances can commonly invoked processes, such as graphite precipitation from CO-H fluids and the decarbonation of carbonates, give rise to carbon fractionation
incurred during enzymatically-mediated metabolic processes.
The non-biological production of isotopically depleted carbon capable of
mimicking a biological isotopic fingerprint, therefore, necessitates conditions of severe
disequilibrium - reminiscent of biological systems themselves (e.g. Shock, 1992). For
carbon isotopes to acquire their intended utility in biosignature studies, therefore,
requires that the operation of disequilibrium processes involving carbonic fluids be
incontrovertibly refuted. Unless this precondition is met, isotopically depleted reduced
carbon remains, by itself, an unsuitable indicator of primitive biology in highly
metamorphosed rocks.
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Figure 1: Isotopic fractionation of carbon. (a): Graphite and hydrocarbons hosted in a
variety of igenous rocks. Reference numbers in bars: 1. Blank et al. (1993); 2 & 4. Des
Marais and Moore (1984); 3. Javoy and Pineau (1991); 5. Mattey et al. (1984); 6 & 7.
Kelley and Fruh-Green (1999); 8 & 9. Hoefs (1975); 10. Gerlach and Taylor (1990); 11
& 12. Pineau and Mathez (1990); 13. Sugisaki and Mimura (1994); 14. Swart et al.
(1983); 15. Deines (1980). (b): Biological carbon (after Schidlowski, 2001). (c):
Atmospheric and marine dissolved carbon. (d): Reduced and carbonate carbon from
>3.7 Ga lower-amphibolite-facies metaturbidites from the Isua Supracrustal Belt,
Greenland and >3.52 Ga upper-greenschist-facies metasedimentary carbonate from the
Pilbara Craton, Australia (Chapter 5, 6, 8).
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Figure 2: Oxygen buffers and graphite stability plotted in fO2 – T space. The graphite
stability field is shown in grey. (a) A range of common oxygen buffers at P= 1000
bars. (b) Oxygen buffers, at P= 1000 bars, plotted in ∆fO2 – T space relative to the
FMQ buffer: ∆ log(fO2) = log(fO2) – log(fO2FMQ). All buffers lie within 6 log units
above and 8 log units below the FMQ buffer, corresponding to the oxygen fugacity
range considered in this study. Buffer abbreviations used: QIF: Fe2SiO4 = 2Fe + SiO2
+ O2; IW: 2 FexO = 2x Fe + O2; WM: 2x/(4x-3) Fe3O4 = 6/(4x-3) FexO + O2; CoCoO:
2 CoO = 2 Co + O2; FMQ: 2 Fe3O4 + 3 SiO2 = 3Fe2SiO4 + O2; NiNiO: 2 NiO = 2 Ni
+ O2; MH: 6 Fe2O3 = 4 Fe3O4 + O2. For the QIF and FMQ buffers, the alpha-beta
quartz phase transition at T (°C) ≈ 573 + 0.025 P (bar) was taken into account.
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Figure 3: The ternary C-O-H diagram, showing calculated graphite saturation
isotherms at T = 400, 600, 800, 1000 and 1200 °C. Note the near-overlap of the
isotherms with the CO2-H2O and H2O-CH4 binary joins at T = 400 °C, and the
continued dominance of CO2 and CH4 over CO and H2, respectively, even at elevated
temperatures.
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Figure 4: Fugacities of CO2, H2O, O2, CO, H2 and CH4 as a function of P, T and fO2 in
a supercritical graphite-saturated C-O-H fluid.
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Figure 5: Number of moles of graphite precipitated for every 6 moles of siderite
decarbonated as a function of temperature at different pressures, as per reaction (4).
Dashed lines indicate stability of siderite at specified pressures. Closed-system
equilibrium conditions are assumed.
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Figure 6: Theoretical β-factors of CO2, CO and CH4 as a function of temperature,
calculated using thermodynamic and quantum mechanical data for gaseous molecules
compiled in (Richet and Bottinga, 1977) with minor amendments proposed by (Horita,
2001). Note the deviating behaviour exhibited by ‘heavier’ CO2 relative to the more
reduced species CH4 and CO.
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Figure 7: Contour plots showing the isotopic fractionation of reduced carbon
equilibrating with C-O-H fluid (with δ13Cfluid = -5 ‰) in fO2 - T space at P = (a) 100,
(b) 1000 and (c) 10000 bars.
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Figure 8: (a): Theoretical (blue curve – Bottinga (1968; 1969); green curve – Chacko
et al. (1991); red curve – Polyakov and Kharlashina (1995a; 1995b)) and laboratory
(black curve – Scheele and Hoefs (1992)) results for carbon isotope fractionation
within the calcite-graphite system. (b): Emperical results for carbon isotope
fractionation within the calcite-graphite system. Blue curve – Valley and O’Neil
(1981); green curve – Wada and Suzuki (1983); yellow curve – dolomite, Wada and
Suzuki (1983); red curve – Morikiyo (1984); black curve – Dunn and Valley (1992);
cyan curve – Kitchen and Valley (1995). All curves calculated using cubic spline
fitting.
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50 µm

Figure 9: Thin-section photographs of reduced carbon in thermodynamic equilibrium
with carbonate. Amoebal graphitic kerogen enclosed in ferruginous dolomite in the
greenschist-facies ~3.5 Ga Strelley Pool Chert, Warrawoona Group, Pilbara Craton,
Western Australia.
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Figure 10: Modelled carbon isotope ratios resulting from equilibrium closed-system
interaction between reduced carbon (blue curves) and carbonate (red curves) at
different temperatures (100 < T < 700 °C). Non-equilibrium invalidates the lowertemperature calculations. Dotted lines indicate initial isotope ratios, set at δ13CiC = -25
‰ and δ13Cicarb = 0 ‰. Higher temperatures tend to drive the isotope ratios of the two
distinct carbon reservoirs together. Note the importance of the R, the ratio of carbonate,
Xcarb, to organic carbon, XC, in determining the final observed δ13CfC.
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Figure 11: β-factors for a variety of carbonates in the calcite and aragonite subgroups
plotted relative to siderite (FeCO3) as a function of temperature. β-factors decrease
with increasing metal++ cation radius. Plot based on cubic spline fitting of data in
Golyshev et al. (1981).

193

Figure 12: Modelled carbon isotope ratios in the reaction products of closed-system
equilibrium decarbonation of siderite (initial δ13Cicarb = 0 ‰, horizontal dashed line) as
a function of temperature at P = 1000 bar. Vertical dashed line indicates maximum
temperature of siderite stability at the specified pressure.
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Figure 13: Contour plots of isotopic composition of carbon produced through opensystem equilibrium decarbonation of siderite (initial δ13Cicarb = 0 ‰) as a function of
the ratio CO2 to CO in the emitted gas (Rc), and the fraction of carbonate remaining (f).
Calculations performed along the univariant decarbonation curve of siderite.
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Figure 14: Isotopic fractionation incurred from open-system devolatilization
(Rayleigh-type distillation) of graphite-like organic hydrocarbons with an initial
isotope signature δ13C = -5 ‰. The final isotope signature of remaining reduced carbon
is plotted as both a function of Rc, the ratio CO2 to CH4 in the emitted gas, and f, the
fraction of hydrocarbon remaining following devolatilization. The transparent and
filled surfaces represent devolatilization at temperatures T = 300 and 500 ºC
respectively. Labeled projected 10‰ contours show values in R-f space giving rise to
remnant reduced carbon with δ13C = -40 to + 10‰ for T = 500 ºC.
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Table 1: Mixing parameters and thermodynamic constants used in Modified RedlichKwong (MRK) equation of state, as proposed by Frost and Wood (1995).
Molecule
Moment
a
b
(Debyes)
(at T=1000 K)
(cm3 mole-1)
H2
0.00
3.6
15.2
O2
0.00
17.2
22.1
CH4
0.02
31.6
29.7
CO2
0.18
83.0
29.7
CO
1.38
17.0
27.3
H2O
1.85
88.0
14.6
Table 2: Values taken on by ai,j (i≠j) in the expansion of the MRK equation of state (de
Santis et al., 1974). K is the equilibrium constant for the reaction H2O + CO2 = H2OCO2 complex.
i
j
ai,j
Non-polar
Non-polar
[aiaj]0.5
Non-polar
H2O or CO2
[aiaj(0)]0.5
H2O
CO2
[ai(0)aj(0)]0.5 + 0.5 R2T2.5K
Table 3: Commonly-used oxygen buffers, expressed in the form log (fO2) = A/T + B +
C(P-1)/T, with T in Kelvin and P in bars. See also Figure 4(a,b). Buffer equilibria
compiled in Frost (1991).
Buffer
Equilibrium constants
Temperature Equilibrium reaction
range (°C)
A
B
C
Min
Max
*
-29435.7
7.391
0.044
423
~573
Fe2SiO4 = 2Fe + SiO2 +
αQIF
O2
*
-29520.8
7.492
0.050
~573
900
Fe2SiO4 = 2Fe + SiO2 +
βQIF
O2
IW
-27489.0 6.702 0.055 565
1200 2 FexO = 2x Fe + O2
WM
-32807.0 13.012 0.083 565
1200 2x/(4x-3) Fe3O4 =
6/(4x-3) FexO + O2
IM
-28690.6 8.130 0.056 300
565
0.5 Fe3O4 = 1.5 Fe + O2
CoCoO
-24332.6 7.295 0.052 600
1200 2 CoO = 2 Co + O2
-26445.3 10.344 0.092 400
~573* 2 Fe3O4 + 3 SiO2 =
FMαQ
3Fe2SiO4 + O2
-25096.3 8.735 0.110 ~573* 1200 2 Fe3O4 + 3 SiO2 =
FMβQ
3Fe2SiO4 + O2
NiNiO
-24930.0 9.360 0.046 600
1200 2 NiO = 2 Ni + O2
MH
-25497.5 14.330 0.019 300
573
6 Fe2O3 = 4 Fe3O4 + O2
MH
-26452.6 15.455 0.019 846
955
6 Fe2O3 = 4 Fe3O4 + O2
MH
-25700.6 14.558 0.019 955
1373 6 Fe2O3 = 4 Fe3O4 + O2
*
Alpha-beta quartz transition at T [°C] = 573 + 0.025 P [bar].
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